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Figure 9.39 8'%0 in young, fresh basalts.
Dashed line is at the mean of MORB (+5.7).
From Harmon and Hoefs (1995).

ian xenoliths (Figure 9.38) have lower 'O
than their equivalents from elsewhere. This
suggests the possibility, at least, that part of
the wvariability in oceanic basalts reflects
mantle heterogeneity. However, additional
studies will be required to establish this with
certainty.

9.8.1.2  Hydrogen

Estimating the isotopic composition of mantle
hydrogen, carbon, nitrogen, and sulfur is even
more problematic. These are all volatile ele-
ments and are present at low concentrations
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in mantle materials. They partition partially
or entirely into the gas phase of magmas upon
their eruption. This gas phase is lost, except
in deep submarine eruptions. Furthermore, C,
N, and S have several oxidation states, and
isotopic fractionations occur between the
various compounds these elements form (e.g.,
CO,, CO, CH4, H,, H,O, H,S, SO,). This
presents two problems. First, significant frac-
tionations can occur during degassing, even
at magmatic temperatures. Second, because of
loss of the gas phase, the concentrations of
these elements are low. Among other prob-
lems, this means their isotope ratios are
subject to disturbance by contamination.
Thus the isotopic compositions of these ele-
ments in igneous rocks do not necessarily
reflect those of the magma or its mantle
source.

Hydrogen, which is primarily present as
water, but also as H,, H,S, and CH,, can be
lost from magmas during degassing. However,
basalts erupted beneath a kilometer or more
of ocean retain most of their dissolved water.
Thus mid-ocean ridge basalts and basalts
erupted on seamounts are important sources
of information of the abundance and isotopic
composition of hydrogen in the mantle.

As Figure 9.40 indicates, MORB has a
mean 8Dgyow of about —67.5%0 and a stand-
ard deviation of £14%.. How much of this
variability reflects fractionation during degas-
sing and contamination is unclear. Kyser
(1986) has argued that mantle hydrogen is
isotopically homogenous with 8Dgyow of
—80%o. The generally heavier isotopic compo-
sition of MORB, he argued, reflects H,O loss
and other processes. Others, for example,
Poreda et al. (1986) and Chaussidon et al.
(1991), have observed correlations between
dD and Sr and Nd isotope ratios and have
argued that these provide clear evidence that
mantle hydrogen is isotopically heterogene-
ous. Chaussidon et al. (1991) have suggested
a 8D value for the depleted upper mantle of
about —55%o.

The first attempt to assess the hydrogen
isotopic composition of the mantle materials
was that of Sheppard and Epstein (1970),
who analyzed hydrous minerals in xenoliths
and concluded that 8D varied in the mantle.
Since then, many additional studies have been
carried out. As Figure 9.40 shows, phlogo-
pites (KMg;AlSi;0,4(OH),) have 8D that is
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Figure 9.40 6D in MORB and in mantle
phlogopites and amphiboles. The MORB and
phlogopite data suggest the mantle has
8Dgyow of about —60 to —90.

generally similar to that of MORB, though
heavier values also occur. Amphiboles have
much more variable 8D and have heavier
hydrogen on average. Part of this difference
probably reflects equilibrium fractionation.
The fractionation between water and phlo-
gopite is close to 0%o in the temperature
range 800-1000°C, whereas the fractionation
between water and amphibole is about —15%.
However, equilibrium fractionation alone
cannot explain either the variability of amphi-
boles or the difference between the mean 8D
of phlogopites and amphiboles. Complex pro-
cesses that might include Rayleigh distillation
may be involved in the formation of mantle
amphiboles. This would be consistent with
the more variable water content of amphib-
oles compared with phlogopites. There are
also clear regional variations in 8D in xeno-
liths that argue for large-scale heterogeneity.
For example, Deloule et al. (1991) found that
dD in amphiboles from xenoliths in basalts in
the Massif Central of France have systemati-
cally high 8D (=59 to —28%o) while those from
Hawaii can be very low (—125%0). At the
opposite extreme, Deloule et al. (1991) also
observed isotopic heterogeneity within single

crystals, which they attributed to incomplete
equilibration with magmas or fluids.

9.8.1.3 Carbon

Most carbon in basalts is in the form of CO,,
which has limited solubility in basaltic liquids.
As a result, basalts begin to exsolve CO,
before they erupt. Thus virtually every basalt,
including those erupted at mid-ocean ridges,
has lost some carbon, and subaerial basalts
have lost virtually all carbon (as well as most
other volatiles). Therefore only basalts erupted
beneath several km of water provide useful
samples of mantle carbon, so the basaltic
data-set is essentially restricted to MORB and
samples recovered from seamounts and the
submarine part of Kilauea’s East Rift Zone.
The question of the isotopic composition of
mantle carbon is further complicated by frac-
tionation and contamination. There is a
roughly 4%. fractionation between CO, dis-
solved in basaltic melts and the gas phase,
with C enriched in the gas phase. Carbona-
tites and diamonds provide alternative, and
generally superior, samples of mantle carbon,
but their occurrence is extremely restricted.

MORB has a mean 8"*C of —6.5%o (Figure
9.41), but the most CO,-rich MORB samples
have 8"C of about —4%o. Since they are the
least degassed, they presumably best represent
the isotopic composition of the depleted
mantle (Javoy and Pineau, 1991). Carbona-
tites also have a mean 8“C close to —4%o.
Ocean island basalts erupted under sufficient
water depth to preserve some CO, in the vesi-
cles and appear to have similar isotopic com-
positions. Gases released in subduction zone
volcanoes and back-arc basin basalts, which
erupt behind subduction zones and are often
geochemically similar to island arc basalts,
have carbon that can be distinctly lighter
(lower 8"C), though most 8"°C values are in
the range of —2 to —4%o, comparable to the
most gas-rich MORB. Carbon in mantle diop-
sides (clinopyroxenes) appears to be isotopi-
cally lighter on average, and the significance
of this is unclear.

Diamonds show a large range of carbon
isotopic compositions (Figure 9.41). Most
diamonds have 8"C within the range of -2 to
—8%o, hence similar to MORB. However,
some diamonds have much lighter carbon.
Based on the inclusions they contain, dia-
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From Mattey (1987). Reproduced with
permission.

monds can be divided between peridotitic and
eclogitic. Most peridotitic diamonds have
8"C close to —5%o, while eclogitic diamonds
are much more isotopically variable. Most,
though not all, of the diamonds with very
negative 8"°C are eclogitic. Many diamonds
are isotopically zoned, indicating they grew in
several stages.

Three hypotheses have been put forward to
explain the isotopic heterogeneity in dia-
monds: primordial heterogeneity, fractiona-
tion effects, and recycling of organic carbon
from the Earth’s surface into the mantle. Pri-
mordial heterogeneity seems unlikely for a
number of reasons. Among these is the absence
of very negative 8"°C in other materials, such
as MORB, and the absence of any evidence
for primordial heterogeneity from the isotopic
compositions of other elements. Boyd and
Pillinger (1994) have argued that since dia-
monds are kinetically sluggish (witness their
stability at the surface of the Earth, where
they are thermodynamically out of equilib-
rium), isotopic equilibrium might not be
achieved during their growth. Large fraction-
ations might therefore occur due to kinetic
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effects. However, these kinetic fractionations
have not been demonstrated, and fractiona-
tions of this magnitude (20%o or so) would be
surprising at mantle temperatures.

On the other hand, several lines of evidence
support the idea that isotopically light carbon
in some diamonds had its origin as organic
carbon at the Earth’s surface. First, such dia-
monds are primarily of eclogitic paragenesis,
and eclogite is the high-pressure equivalent of
basalt. Subduction of oceanic crust continu-
ously carries large amounts of basalt into
the mantle. Oxygen isotope heterogeneity
observed in some eclogite xenoliths suggests
these eclogites do indeed represent subducted
oceanic crust. Second, the nitrogen isotopic
composition of isotopically light diamonds is
anomalous relative to nitrogen in other mantle
materials. Finally, Farquhar et al. (2002)
found mass-independent fractionation (A*S
up to 0.6%o) in sulfide inclusions in eclogitic
diamonds. If, as is believed, the mass-
independent fractionation arises from UV
photolysis in the atmosphere, then the sulfur
in these diamonds must once have been at the
surface of the Earth.

9.8.1.4 Nitrogen

The solubility of N, in magmas is very limited,
hence of volcanic rocks, once again only sub-
marine basalts provide useful samples of
mantle N. There are both contamination and
analytical problems with determining nitro-
gen isotope ratios in basalts, which, combined
with its low abundance (generally less than
1 ppm), mean that accurate measurements are
difficult to make. Nitrogen substitutes readily
for carbon in diamonds, which can contain
up to 2000 ppm N, making diamonds impor-
tant samples of mantle N. Nitrogen may be
present as the ammonium ion in many kinds
of rocks. NHj substitutes readily for K in
many minerals; consequently N concentra-
tions in sediments and metasediments may
reach several hundred ppm. In all, a fair
amount of data is now available for a variety
of mantle and crustal materials, and these
data are summarized in Figure 9.42. Measure-
ments of 8Ny in MORB range from about
—10 to +8%o, with a mean value of about -3
to —5%o. Peridotitic diamonds show a similar
range, but are a little lighter on average.
Eclogitic diamonds show considerably greater
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Figure 9.42 Isotopic composition of nitrogen in rocks and minerals of the crust and mantle.
Modified from Marty and Dauphas (2003). With permission from Elsevier.

scatter in 8"Nyupy, with the most common
values in the range of =12 to —6%o.. Interest-
ingly, ocean island basalts, which presumably
sample mantle plumes, have distinctly more
positive 8" Nyury, with a mean in the range
of +3 to +4%.. The N isotopic composition
of mantle plumes thus appears to match
well with that of organic matter in post-
Archean sediments, metamorphic rocks, and
subduction-related volcanic rocks. This obser-
vation led Marty and Dauphas (2003) to
propose that nitrogen in mantle plumes is
largely recycled from the surface of the Earth.
They argue that because nitrogen can be
bound in minerals as ammonium, it is more
readily subducted and recycling into the
mantle than other gases.

Figure 9.42 also illustrates an interesting
shift in 8"°N in organic matter in sediments in
the late Archean. Marty and Dauphas (2003)
suggest two possible causes. First, the absence

of atmospheric oxygen in the Archean meant
that there was no nitrate, and hence no dis-
similatory denitrification and consequently no
fractionation associated with that process.
Second, chemosynthetic life may have domi-
nated the Archean. Modern chemosynthetic
bacteria from hydrothermal vent ecosystems
have a lower 8"°N than most plants, meaning
the N isotopic composition of organic matter
in Archean sediments would have been lighter
than in post-Archean sediments.

9.8.1.5 Sulfur

There are also relatively few sulfur isotope
measurements on basalts, in part because
sulfur is lost during degassing, except for
those basalts erupted deeper than 1km below
sea-level. In the mantle, sulfur is probably
predominantly or exclusively in the form of
sulfide, but in basalts, which tend to be some-



what more oxidized, some of it may be present
as SO, or sulfate. Equilibrium fractionation
should lead to SO, being a few per mil lighter
than sulfate. If H,S is lost during degassing,
the remaining sulfur would become heavier;
if SO, or SO, is lost, the remaining sulfur
would become lighter. Total sulfur in MORB
has &*Scpr in the range of +1.3 to —1%o, with
most values in the range 0 to +1%o. Sakai et
al. (1984) found that sulfate in MORB, which
constitutes 10-20% of total sulfur, was 3.5 to
9%o heavier than sulfide. Basalts from Kilau-
ea’s East Rift Zone have a very restricted
range of &S of +0.5 to +0.8 (Sakai et al.,
1984).

Chaussidon et al. (1989) analyzed sulfides
present as inclusions in minerals, both in
basalts and in xenoliths, and found a wide
range of 8**S (=5 to +8%o). Low-Ni sulfides in
oceanic island basalts, kimberlites, and pyrox-
enites had more variable 6°*S than sulfides in
peridotites and peridotite minerals. They
argued there is a fractionation of +3%o between
sulfide liquid and sulfide dissolved in silicate
melt. Carbonatites have 8°*S between +1 and
—3%0 (Hoefs, 1987; Kyser, 1986). Overall, it
appears the mantle has a mean &S in the
range of 0 to +1%., which is very similar to
meteorites, which average about +0.1%o.

Chaussidon et al. (1987) found that sulfide
inclusions in diamonds of peridotitic paragen-
esis (8C ~ —4%o) had &**S of about +1%o
while eclogitic diamonds had higher and
much more variable &S (+2 to +10%o).
Eldridge et al. (1991) found that &*S in
diamond inclusions was related to the Ni
content of the sulfide. High-Ni sulfide inclu-
sions, which they argued were of peridotitic
paragenesis, had 8**S between +4%o and —4%o.
Low-Ni sulfides, which are presumably of
eclogitic paragenesis, had much more variable
8°*S (+14%o to —10). These results are consist-
ent with the idea that eclogitic diamonds are
derived from subducted crustal material.

9.8.2 Stable isotopes in crystallizing magmas

The variation in stable isotope composition
produced by crystallization of a magma
depends upon the manner in which crystalli-
zation proceeds. The simplest, and most
unlikely, case is equilibrium crystallization. In
this situation, the crystallizing minerals remain
in isotopic equilibrium with the melt until

STABLE ISOTOPE GEOCHEMISTRY 415

crystallization is complete. At any stage during
crystallization, the isotopic composition of a
mineral and the melt will be related by the
fractionation factor, o.. Upon complete crys-
tallization, the rock will have precisely the
same isotopic composition as the melt initially
had. At any time during the crystallization,
the isotope ratio in the remaining melt will be
related to the original isotope ratio as:

Bﬁ———l——~ a=§i 9.67
R frai-p *Tr 7

where R, is the ratio in the liquid, R, is the
isotope ratio of the solid, Ry is the isotope
ratio of the original magma, and f is the frac-
tion of melt remaining. This equation is
readily derived from mass balance, the defini-
tion of o, and the assumption that the element
concentration in the magma is equal to that
in the crystals; an assumption valid to within
about 10%. It is more convenient to express
eqn. 9.67, in terms of &:

A=8p — }*1000 (9.68)

[ 1
f+al-f)
where 8, is the value of the magma after a
fraction f— 1 has crystallized and §, is the
value of the original magma. For silicates, o
is not likely to be much less than 0.998 (i.e.,
A = 8" O,y — 8" Oppere = =2). For o= 0.999,
even after 99% crystallization, the isotope
ratio in the remaining melt will change by
only 1 per mil.

The treatment of fractional crystallization
is analogous to Rayleigh distillation. Indeed,
it is governed by the same equation:

A=1000(f*"-1) (9.46)
The key to the operation of either of these
processes is that the product of the reaction
(vapor in the case of distillation, crystals in
the case of crystallization) is only instantane-
ously in equilibrium with the original phase.
Once it is produced, it is removed from further
opportunity to attain equilibrium with the
original phase. This process is more efficient
at producing isotopic variations in igneous
rocks, but its effect remains limited because o
is generally not greatly different from 1.
Figure 9.43 shows the calculated change in
the oxygen isotopic composition of melt
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magma solidified during Rayleigh
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the magma was +6. After Taylor and
Sheppard (1986).

undergoing fractional crystallization for
various values of A (= 1000(a. — 1)). In reality,
A will change during crystallization because
of (1) changes in temperature, (2) changes in
the minerals crystallizing, and (3) changes in
the liquid composition. The changes will gen-
erally mean that the effective A will increase
as crystallization proceeds. We would expect
the greatest isotopic fractionation in melts
crystallizing non-silicates such as magnetite,
and melts crystallizing at low temperature,
such as rhyolites, and the least fractionation
for melts crystallizing at highest temperature,
such as basalts.

Figure 9.44 shows observed 8O as a func-
tion of temperature in two suites: one from a
propagating rift on the Galapagos Spreading
Center, the other from the island of Ascen-
sion. There is a net change in 80O between
the most and least differentiated rocks in the
Galapagos of about 1.3%o; the change in the
Ascension suite is only about 0.5%.. These,
and other suites, indicate the effective A is
generally small, of the order of 0.1-0.3%o.
Consistent with this is the similarity of §'*O
in peridotites and MORB, which suggests a
typical fractionation during melting of 0.2%o
or less.

We can generalize the temperature depend-
ence of oxygen isotope fractionations by
saying that at low temperature (i.e., Earth
surface temperatures up to the temperature of
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Figure 9.44 "0 as a function of SiO, in a
tholeiitic suite from the Galapagos Spreading
Center (GSC) (Muehlenbachs and Byerly,
1982) and an alkaline suite from Ascension
Island (Sheppard and Harris, 19835). Dashed
line shows model calculation for the
Ascension suite.

hydrothermal systems, 300-400°C), oxygen
isotope ratios are changed by chemical pro-
cesses. The amount of change can be used as
an indication of the nature of the process
involved, and, under equilibrium conditions,
of the temperature at which the process
occurred. At high temperatures (temperatures
of the interior of the Earth or magmatic tem-
peratures), oxygen isotope ratios are mini-
mally affected by chemical processes and can
be used as tracers much as radiogenic isotope
ratios are.

These generalizations lead to an axiom:
igneous rocks whose oxygen isotopic compo-
sitions show significant variations from the
primordial value (+6) must either have been
affected by low-temperature processes, or
must contain a component that was at one
time at the surface of the Earth (Taylor and
Sheppard, 1986).

9.8.3 Combined fractional crystallization
and assimilation

Because oxygen isotope ratios of mantle-
derived magmas are reasonably uniform (£1%o
of 5.6%0) and generally different from rocks
that have equilibrated with water at the
surface of the Earth, oxygen isotopes are a
useful tool in identifying and studying the
assimilation of country rock by intruding



magma. We might think of this process as
simple mixing between two components:
magma and country rock. In reality, it is
always at least a three-component problem,
involving country rock, magma, and minerals
crystallizing from the magma. Magmas are
essentially never superheated; hence the heat
required to melt and assimilate surrounding
rock can only come from the latent heat of
crystallization of the magma. Approximately
1k]J/g would be required to heat rock from
150°C to 1150°C and another 300 J/g would
be required to melt it. If the latent heat of
crystallization is 400 ]/g, crystallization of
3.25g of magma would be required to assimi-
late 1g of country rock. Since some heat will
be lost by simple conduction to the surface,
we can conclude that the amount of crystal-
lization will inevitably be greater than the
amount of assimilation (the limiting case
where mass crystallized equals mass assimi-
lated could occur only at great depth in the
crust where the rock is at its melting point to
begin with). The change in isotopic composi-
tion of a melt undergoing the combined
process of assimilation and fractional crystal-
lization (AFC) is given by:

0, — 0y = ([50 - 50] —AX R){l _ fll(R71>}
(9.69)

where R is the mass ratio of material crystal-
lized to material assimilated, A is the differ-
ence in isotope ratio between the crystals and
the magma (Oc;ystal — Omagma), f 18 the fraction of
liquid remaining, 6, is the 'O of the magma,
& is the initial 'O of the magma, and §, is
the 8O of the material being assimilated
(Taylor and Sheppard, 1986). The assump-
tion is made that the concentration of oxygen
is the same in the crystals, magma and assimi-
lant, which is a reasonable assumption. This
equation breaks down at R =1, but, as dis-
cussed earlier, R is generally significantly
greater than 1. Figure 9.45 shows the varia-
tion of 80O of a magma with an initial
8" O = 5.7 as crystallization and assimilation
proceed.

9.9 ISOTOPES OF BORON AND LITHIUM

Although there are a few earlier works in the
literature, there was little interest in the iso-
topic composition of boron and lithium until
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Figure 9.45 Variation in 8'*O of a magma
undergoing AFC versus amount crystallized.
Initial 8O of the magma is +5.7. After
Taylor (1980).

about 20 years ago. This is perhaps because
both elements have low abundances in the
Earth compared with the other elements we
have discussed thus far. It is perhaps also
because of the analytical problems: neither B
nor Li form gaseous species that can be ana-
lyzed in the gas-source mass spectrometers
used for analysis of other stable isotopes, and
the fractionation produced in thermal ioniza-
tion mass spectrometers, which are used for
elements such as Sr, Nd, and Pb, would exceed
the natural ones. Since the development of
new analytical techniques that overcame this
latter problem in the 1980s, the field of boron
isotope geochemistry has developed rapidly,
and a range of about 9% in the ''B/'°B ratio
in terrestrial materials has been observed.
Boron isotope geochemistry has been used to
address a wide variety of geochemical prob-
lems. Most notable among these are: hydro-
thermal processes, the nature and origin of
ore-forming fluids, the origin of evaporites
and brines, pH of ancient oceans, the origin
of subduction-related magmas, and geochem-
ical evolution of the mantle.

Though both lithium and boron can occur
as stoichiometric components of minerals,
these minerals have limited occurrence, and
these elements generally substitute for other
elements in silicates. Boron is relatively abun-
dant in seawater, with a concentration of
4.5 ppm. Lithium is somewhat less abundant,
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with a concentration of 0.17 ppm. In silicate
rocks, the concentration of boron ranges from
a few tenths of a ppm or less in fresh basalts
and peridotites, to several tens of ppm in
clays. Lithium concentrations in these materi-
als typically range from a few ppm to a few
tens of ppm. The ''B/'’B is reported as per mil
variations, 8''B, from the NIST SRM* 951
standard. The "Li/°Li ratio is reported as per
mil variation, 8'Li, from the NIST SRM 8545
Li,CO; (L-SVEC) standard (see Table 9.1).
Prior to 1996, Li isotope ratios were often
reported as &°Li, that is, deviations from the
°Li/’Li ratio. However, the standard used was
the same, so that for variations of less than
about 10, &'Li = —6°Li; at higher deviations,
a more exact conversion is necessary, e.g.,
~38.5%0 8°Li = 40%o &’Li. The analytical pre-
cision for most of the Li isotope data now in
the literature is about 1%o, but recent advances,
particularly the use of multiple-collector
inductively coupled plasma mass spectrome-
ters, promises to reduce uncertainty to as little
as 0.2%o.

9.9.1 Boron isotopes

In nature, boron has a valence of +3 and is
almost always bound to oxygen or hydroxyl
groups in either trigonal (e.g., BO3) or tetra-
hedral (e.g., B(OH);) coordination (the only
exception is boron bound to fluorine, BF;).
Since the bond strengths and vibrational fre-
quencies of trigonal and tetrahedral forms
differ, we can expect that isotopic fractiona-
tion will occur between these two forms. This
is confirmed by experiments which show a
roughly 20%. fractionation between B(OH);
and B(OH);, with "B preferentially found in
the B(OH); form.

In natural aqueous solutions boron occurs
as both boric acid, B(OH);, and the borate
ion, B(OH);, the dominant species being
determined by pH. At pH of around 9 and
above, B(OH);, dominates, while at lower pH
B(OH); dominates. In seawater, which has a
pH in the range of 7.6 to 8.1, about 80-90%
of boron will be in the B(OH); form. Most
fresh waters are a little more acidic so B(OH);
will be more dominant; only in highly alkaline

solutions, such as saline lakes, will B(OH); be
dominant. The most common boron mineral
in the crust is tourmaline (Na(Mg,Fe,Li,Al);
Sig013(BO;)3(OH,F),), in which boron is
present in BO; groups. In clays, boron appears
to occur primarily as B(OH);, most likely sub-
stituting for silica in tetrahedral layers. The
coordination of boron in common igneous
minerals is uncertain, possibly substituting for
Si in tetrahedral sites. As we noted in Chapter
7, boron is an incompatible element in igneous
rocks and is very mobile. It is also readily
adsorbed on to the surfaces of clays. There is
an isotopic fractionation between dissolved
and adsorbed B of =20 to —30%o (i.e., adsorbed
B is "B poor), depending on pH and tempera-
ture (Palmer et al., 1987).

Figure 9.46 illustrates the variation in B
isotopic composition in a variety of geologic
materials. Spivack and Edmond (1987) found
the 8''B of seawater to be +39.5%o, and
uniform within analytical error (£0.25%o).
Fresh mid-ocean ridge basalts typically have
8""B of about —4.25 + 2%. (White and Klein,
2013). Oceanic island basalts (OIB) have
slightly lighter 8B (e.g., Chaussidon and
Jambon, 1994). The average B isotopic com-
position of the continental crust probably lies
between —13%o0 and —8%o (Chaussidon and
Albarede, 1992).

Perhaps the most remarkable aspect of B
isotope geochemistry is the very large frac-
tionation of B isotopes between the oceans
and the silicate Earth. It was recognized very
early that this difference reflected the frac-
tionation that occurred during adsorption of
boron on clays (e.g., Schwarcz et al., 1969).
However, as we noted earlier, this fractiona-
tion is only about 30%. or less, whereas the
difference between the continental crust and
seawater is close to 50%o. Furthermore, the
net effect of hydrothermal exchange between
the oceanic crust and seawater is to decrease
the 8''B of seawater (Spivack and Edmond,
1987). The discrepancy reflects the fact that
the ocean is not a simple equilibrium system,
but rather a kinetically controlled open one.
Since all processes operating in the ocean
appear to preferentially remove 'B from
the ocean, seawater is driven to an extremely

*NIST stands for the US National Institute of Standards and Technology and was formerly known as the National
Bureau of Standards (NBS). SRM stands for standard reference material.
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Figure 9.46 Boron isotopic composition in
crystalline rocks (MORB: mid-ocean ridge
basalts; OIB: oceanic island basalts; BABB:
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"B-rich composition. In addition, it is possi-
ble that fractionation of boron isotopes occurs
during diagenesis. Ishikawa and Nakamura
(1993) noted that ancient limestones and
cherts have more negative 8''B than their
modern equivalents, calcareous and siliceous
oozes, and suggested that further fractiona-
tion occurred during diagenesis.

Spivack and Edmond (1987) investigated
the exchange of boron between seawater and
oceanic crust. Boron is readily incorporated
into the alteration products of basalt, so that
even slightly altered basalts show a dramatic
increase in B concentration and an increase in
8''B, with altered oceanic crust having 8''B in
the range of 0 to +25%o. Smith ez al. (1995)
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estimated that average altered oceanic crust
contains 5 ppm B and 8''B of +3.4%.. During
high-temperature interaction between seawa-
ter and oceanic crust, Spivack and Edmond
(1987) concluded that boron was quantita-
tively extracted from the oceanic crust by
hydrothermal fluids. The isotopic composi-
tion of these fluids is slightly lower than that
of seawater. They inferred that the B in these
fluids is a simple mixture of seawater- and
basalt-derived B, and that little or no isotopic
fractionation was involved. Analysis of hydro-
thermally altered basalts recovered by the
Ocean Drilling Project generally confirm these
inferences, as they are boron-poor and have
8"B close to 0 (Ishikawa and Nakamura,
1992).

Island arc volcanics (IAV) show a wide
range of B isotopic compositions, overlap-
ping the MORB range but on average have
more positive &'"'B (mean +4.02 £ 5%o).
Palmer (1991) concluded that these positive
values in part reflect the incorporation of
subducted marine sediment and altered
oceanic crust into the sources of island arc
magmas. Chaussidon and Jambon (1994)
suggested that the positive 8''B values in IAV
might also reflect assimilation of sediment or
altered oceanic crust during magma ascent.
More recent work suggests that B isotopic
fractionation between solids and fluids during
dehydration of the subducting slab may be an
important, and perhaps dominant, effect. As
oceanic lithosphere warms during the initial
phases of subduction, B will be both desorbed
from mineral surfaces (particularly sediment)
into pore fluid and liberated into the fluid
phase during dehydration. In this process, ''B
will partition preferentially into fluid. Benton
et al. (2001) suggested this process accounts
for the high 8''B observed in serpentine mud
in mud volcanoes in the Marianas forearc.
Progressive dehydration of subducted oceanic
lithosphere and associated B isotopic frac-
tionation may also explain cross-arc isotopic
variations in which 8''B of IAV decreases
with distance from the trench (e.g., Ishikawa
et al., 2001). Volcanic rocks from the South
Sandwich arc have particularly high &'"B,
averaging +15. Tonarini et al. (2011) argue
that these high values reflect incorporation of
forearc serpentinites into arc magma source
regions through the process of subduction
erosion.
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The differences in 8"'B between oceanic
island basalts (OIB) and MORB is perhaps
more problematic. Though no experimental
or theoretical studies have been carried out,
it seems unlikely that significant fractionation
of boron isotopes will occur during melting
of the mantle, both because the temperatures
are high, and because the atomic environment
of B in silicate melts is probably similar to
that in silicate solids. Thus, as we found was
the case for O isotopes, B isotope fractiona-
tion probably occurs only at the surface of the
Earth, and the difference between OIB and
MORB must somehow reflect surface pro-
cesses. Chaussidon and Marty (1995) argued
that the boron isotopic composition of the
mantle is that of OIB (-10%.) and that the
higher 8''B of MORB reflects contamination
of MORB magmas by altered oceanic crust.
This seems unlikely for several reasons. First,
although there are still relatively few data
available, MORB appears to be relatively
homogenous in boron isotopic composition.
This means assimilation would have to be
systematic and pervasive and that all MORB
magmas would have to assimilate roughly the
same amount of material. Both of these seem
highly improbable. Second, there is little or
no other evidence for assimilation of oceanic
crust by MORB magmas. Third, oceanic
island basalts have an opportunity to assimi-
late not only altered oceanic crust, but also
overlying sediment. Yet, according to the
Chaussidon and Marty (1995) hypothesis,
they are not systematically contaminated.
Although they are not systematically contami-
nated, there is evidence of occasional assimi-
lation of oceanic crust and/or sediment by
oceanic island basalt magmas from both B
and Os isotope geochemistry. This may
explain some of the lower 8''B values in OIB
seen in Figure 9.45 (Chaussidon and Jambon,
1994).

The alternative explanation for the lower
8'"'B in OIB is that they contain a component
of material recycled into the mantle, through
subduction, from the surface of the Earth.
The idea that mantle plumes, and the OIB
magmas they produce, contain material recy-
cled from the surface of the Earth has been
suggested on other grounds (Hofmann and
White, 1982), and we shall discuss it further
in Chapter 11. You (1994) pointed out that
significant fractionation of B isotopes will

occur during sediment dewatering at moder-
ate temperatures during the initial stages of
subduction. The fluid produced will be
enriched in ''B, leaving the sediment depleted
in ''B. Thus the effect of subduction zone pro-
cesses will be to lower the 8B of oceanic
crust and sediment carried into the deep
mantle. Deciding between this view and that
of Chaussidon and Marty (1995) will require
further research.

One of the more interesting applications of
boron isotopes has been determining the
paleo-pH of the oceans. Boron is readily
incorporated into carbonates, with modern
marine carbonates having B concentrations in
the range of 15-60 ppm. In modern foraminif-
era, 8''B is roughly 20%o lighter than the sea-
water in which they grow. This fractionation
seems to result from the kinetics of B copre-
cipitation in CaCOj3, in which incorporation
of B in carbonate is preceded by surface
adsorption of B(OH); (Vengosh et al., 1991;
Heming and Hanson, 1992).

We noted earlier that boron is present in
seawater both as B(OH);, and B(OH);. Since
the reaction between the two may be written
as:

B(OH); + H,O = B(OH); + H* (9.70)
the equilibrium constant for this reaction is:

B(OH);

_pKﬂPP =ln
B(OH);

—pH  (9.71)

The relative abundance of these two species
is thus pH-dependent. Furthermore, we can
easily show that the isotopic composition of
these two species can vary even if the isotopic
composition of seawater is constant. From
mass balance we have:

AllBSW = 811B3f+811B4(1—f) (9.72)

where f is the fraction of B(OH); (and 1 - f
is therefore the fraction of B(OH);), 6''B; is
the isotopic composition of B(OH);, and 8''B,
is the isotopic composition of B(OH);. If the
isotopic compositions of the two species are
related by a constant fractionation factor,
A;_4, we can write eqn. 9.72 as:

11B5W = 611B3f + 611B4 - 611B4f

9.73
=§'"B, — Asyf ( )



Solving for 8''B,, we have:

811B4 = 11BSW + A3_4f (9.74)
Thus assuming a constant fractionation factor
and isotopic composition of seawater, the 8''B
of the two B species will depend only on £,
which, as we can see in eqn. 9.71, will depend
on pH.

If the mechanism for incorporation of B in
carbonate presented earlier is correct, the
fractionation of '"B/'"B between calcite and
seawater will be pH-dependent. There is still
some debate as to the exact mechanism of
boron incorporation in carbonate, in particu-
lar whether only borate ion or both boric acid
and borate ion can be incorporated. Regard-
less of the exact mechanism, the isotopic com-
position of boron in carbonate precipitated
from seawater has been shown to be a strong
function of pH (Sanyal et al., 1996), allowing
in principle the reconstruction of paleo-
seawater pH from carbonates. There are some
additional factors that must be considered: (1)
different carbonate-secreting species may
fractionate B isotopes slightly differently,
perhaps because they alter the pH of their
micro-environment, or perhaps because
B(OH)s; is also utilized to varying degrees; (2)
the fractionation factor is temperature-
dependent; and (3) the B isotopic composition
of seawater may vary with time. Nevertheless,
if care is exercised to account for “vital”
effects and variation in the isotopic composi-
tion and temperature of seawater, the B iso-
topic composition of marine biogenic
carbonate preserved in sediment should reflect
the pH of the water from which they were
precipitated.

The pH of seawater, in turn, is largely con-
trolled by the carbonate equilibrium, and
depends therefore on the partial pressure of
CO, in the atmosphere (see Example 6.2).
Thus if the pH of ancient seawater can be
determined, it should be possible to estimate
pco, of the ancient atmosphere. Given the
concern about the relation of future climate
to future pco, , it is obviously interesting to
know how these factors related in the past.

Pearson and Palmer (2000) measured 8''B
in foraminiferal carbonate extracted from
Ocean Dirilling Program (ODP) cores, and
from this calculated pH based on eqns. 9.71
and 9.74. To minimize the effect of tempera-
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ture on the fractionation factor, they restricted
their study to cores from regions that were
tropical at the time of deposition. To mini-
mize vital effects, they used only one species
of planktonic foraminifera for the Neogene
period, G. trilobus (also known as G. saccu-
lifer), which is thought to incorporate B with
no vital effect. For the Paleogene, they used 6
species where the vital effect was arguably
minimal. They argued that changes in the B
isotopic composition of seawater should be
slow to occur since the residence time of B in
seawater is roughly 20 million years. Never-
theless, they account for a small variation,
roughly 1.7%o, in seawater 8''B over Tertiary
time. The results suggest dramatically lower
seawater pH and dramatically higher pco, in
the Paleogene. The apparent variation in pco,
is qualitatively consistent with what is known
about Tertiary climate change — namely that
a long-term cooling trend began in the early
to middle Eocene. In contrast to the Paleo-
gene, Figure 9.47 shows that the Neogene was
characterized by atmospheric pco, near or
slightly below modern pre-industrial levels.
On a more limited time-scale, Honisch and
Hemming (2005) and Honisch et al. (2009)
investigated 8''B during the Pleistocene. They
controlled for temperature by analyzing the
Mg/Ca ratio of the carbonate shells, which is
known to be strongly temperature-dependent.
For the last two glacial cycles, their calculated
pH values ranged from 8.11 to 8.32, corre-
spondmg toa pco, rangeof ~180to ~325 ppm,
in good agreement with CO, concentrations
measured in bubbles in the Vostok ice core.
They found that whereas over the last 400,000
years pco, hasvaried from 180 and 300 ppmv
in glacial and interglacial periods, respec-
tively, the variation had been 210 and
280 ppmv in the early Pleistocene. The calcu-
lated average pco, values for the early and
late Pleistocene are 248 and 241 ppmv, respec-
tively, and statistically indistinguishable.
Although still somewhat controversial,
paleo-seawater pH reconstruction based on
boron isotopes has become better grounded
in the last few years. Some of the controversy
centered around the lack of experimental
determination of the fractionation factor
between B(OH); and B(OH); (Pagani et al.,
2005; Zeebe, 2005). This has been partially
resolved by Klochko ez al. (2006) who experi-
mentally determined the fractionation factor
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Figure 9.47 Top graph shows the variation in
pH of surface seawater during Tertiary time
as inferred from &''B in shells of planktonic
foraminifera in ODP cores. Bottom graph
shows the concentration of atmospheric CO,
calculated from seawater pH. Reprinted by
permission from McMillan Publishers Ltd:
Pearson and Palmer (2000).

to be 1.0272 £ 0.0006 and independent of
temperature. This value differs from the theo-
retically estimated value of 1.0194, which had
previously been used for paleo-oceanographic
calculations. However, the theoretical value is
hampered by uncertainties in measured vibra-
tional frequencies, and attempts to calculate
it ab initio from molecular orbital theory
result in uncertainties that are too large to be
useful. In addition to this, there are additional
uncertainties in the mechanism of incorpora-
tion of boron into carbonate and the associ-
ated fractionation factor, and uncertainties in
how &''B in seawater has varied with time,
and the requirement of high-precision meas-
urement of B isotope ratios. Foster (2008) has
shown that paleo-CO, determined from
foraminifera in cores from the Caribbean
agree well with CO, in the Vostok ice core
using the experimentally determined fraction-
ation factor.

9.9.2 Li isotopes

Terrestrial lithium isotopic variation is domi-
nated by the strong fractionation that occurs
between minerals, particularly silicates, and
water. Indeed, this was first demonstrated
experimentally by Urey in the 1930s. This
fractionation in turn reflects the chemical
behavior of Li. Li forms bonds with a high
degree of covalent character. The ionic radius
of Li* is small (78 pm) and Li readily substi-
tutes for Mg**, Fe**, and AP** in crystal lat-
tices, mainly in octahedral sites. In aqueous
solution, it is tetrahedrally coordinated by 4
water molecules (the solvation shell) to which
it is strongly bound, judging from the high
solvation energy. These differences in atomic
environment, differences in binding energies,
the partly covalent nature of bonds, and the
low mass of Li all lead to strong fractionation
of Li isotopes.

Modern study of Li isotope ratios began
with the work of Chan and Edmond (1988).
They found that the isotopic composition of
seawater was uniform within analytical error,
with a 8”Li value of +33%o. Subsequent work
suggests that 8’Li in seawater might vary by
as much as 4%, but the degree to which this
variation reflects analytical error and inter-
laboratory biases remains unclear, as the resi-
dence time of Li in the ocean (1.5-3Ma) is
much longer than the mixing time.

As is the case for boron, seawater repre-
sents one extreme of the spectrum of isotopic
compositions in the Earth (see Figure 9.48).
During mineral-water reactions, the heavier
isotope, ’Li, is preferentially partitioned into
the solution. Thus weathering on the conti-
nents results in river water being isotopically
heavy, +23.5%0 on average, compared with
average continental crust, which has &'Li of
~0, and the suspended load of rivers which
has 8’Li = +2 (Teng et al., 2004). Thus sea-
water is some 10 per mil heavier than average
river water, so additional fractionation must
occur in the marine environment. This likely
includes adsorption onto particles (although
Li is less prone to absorption than most other
metals), authigenic clay formation, and low-
temperature alteration of oceanic crust. Chan
etal. (1992) estimated the fractionation factor
for clay-solution exchange at —19%.. Reported
&’Li values in marine non-carbonate sedi-
ments range from —1 to +15%o, but Chan and
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Figure 9.48 Li isotopic composition of
terrestrial materials.

Frey (2003) suggested, based on new data and
reanalysis of older samples, that the range is
only +1 to +6%.. Marine carbonate sediments,
which tend to be Li-poor, typically have higher
8’Li than non-carbonate sediments.

Fresh MORB has &'Li of +3.8 £ 1.3%o
(White and Klein, 2013), a range not much
larger than that expected from analytical
error alone. Oceanic island basalts (OIB) have
on average higher 8Li +4.9 + 1.2%o. The
highest 8’Li occurs on islands characterized
by particularly radiogenic Pb (the so-called
HIMU OIB group), such as on some islands
of the Cook-Austral chain. Here, §’Li may be
as high as +8%o. This may reflect a recycled
crustal component in their sources (e.g., Vlas-
telic et al., 2009).
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There appears to be little relationship
between &’Li and other geochemical param-
eters in igneous rocks, such as MgO concen-
tration, suggesting Li experiences little isotopic
fractionation during fractional crystallization,
and perhaps also partial melting (Tomascak
et al., 1999). Mantle peridotites show a con-
siderable range, from —15%o to +10%o, but
unmetasomatized peridotites have a range of
only 0%o to +7%o, just slightly larger than that
of MORB. Alpine eclogites can have distinctly
light isotopic compositions. These rocks are
thought to be fragments of basaltic oceanic
crust deeply subducted and metamorphosed,
then subsequently rapidly exhumed during the
Alpine orogeny. Their light isotopic composi-
tions presumably reflect preferential partition-
ing of "Li into the fluid produced as the rocks
were dehydrated during metamorphism.

Diffusion represents another mechanism by
which Li isotopes may fractionate. As we
noted earlier in the chapter, lighter isotopes of
an element will diffuse faster than heavier
isotopes. The relatively large mass difference
between “Li and °Li (17%) results in substan-
tially faster diffusion of °Li. Richter et al.
(1999) found that the ratio of diffusion coef-
ficients for isotopes of an ion diffusing in
molten silicates obeyed the relation:

D, _ ( m, )B

D, m
where f is an empirical parameter deter-
mined experimentally. Richter et al. (2003)
found that the value of f was 0.215 for Li,
implying 3% faster diffusion of °Li. In molten
basalt-rhyolite diffusion experiments, this
more rapid diffusion of °Li produced iso-
topic variations as great as 40%o over 10 mm
distances in 15 hours. Comparable isotopic
variations have been observed in nature.
Teng et al. (2006) observed that the isotopic
composition of Li diffusing out of a pegma-
tite into surrounding amphibolite decreased
from +7.6%0 to —19.9%0 over a distance of
10m. Because of its small ionic size and
charge, Li diffuses more readily than most
other elements. Indeed, Richter et al. found
it diffused 2 orders of magnitude faster than
Ca. This rapid diffusion also contributes to
the large potential for diffusional isotopic
fractionation.

(9.75)
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&’Li in oceanic crust altered by seawater at
low temperatures takes up Li from solution
and has high 8’Li compared with fresh basalt.
In hydrothermal reactions, however, Li is
extracted from basalt into solution and hydro-
thermal fluids can have Li concentrations up
to 50 times greater than seawater. 'Li is
extracted more efficiently than °Li during this
process, so hydrothermally altered basalt can
have 8'Li as low as —2%o. Serpentinites (hydro-
thermally altered peridotite) can have even
lower &’Li. Because they extract Li from
oceanic crust so completely, hydrothermal
solutions have Li isotopic compositions inter-
mediate between MORB and seawater despite
this fractionation.

The average &’Li of island arc volcanics,
+4.05 £ 1.5%o, is only slightly higher than
that of MORB. This is somewhat surprising
since other isotopic evidence clearly demon-
strates that island arc magmas contain com-

ponents derived from subducted oceanic crust
and sediment. Furthermore, while 8’Li has
been shown in some cases to correlate with
chemical and isotopic indicators of a subduc-
tion component, this is not always the case.

It seems nevertheless likely that the subduc-
tion process has profoundly influenced the
isotopic composition of the mantle over time.
As a consequence of fractionation occurring
during weathering, seawater 1is strongly
enriched in “Li. This enrichment is imprinted
upon the oceanic crust as it reacts with sea-
water. When the oceanic crust is returned to
the mantle during subduction, the mantle
becomes progressively enriched in “Li. The
continental crust, on the other hand, becomes
progressively depleted in "Li over time. Elliott
et al. (2004) calculated that this process has
increased &’Li in the mantle by 0.5 to 1% and
decreased 8’Li of the continental crust by 3%o
over geologic time.
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PROBLEMS

1. Using the procedure and data in Example 9.1, calculate the fractionation factor Aco.o, for
the '7O/'"°O ratio at 300 K. What is the expected ratio of fractionation of O/'*O to that of
BO/'O at this temperature?

2. What would you predict would be the ratio of the diffusion coefficients of H,O and D,O
in air?

3. A granite contains coexisting feldspar (3% An content) and biotite with §"*Ogyow of 9.2%0
and 6.5%o respectively. Using the information in Table 9.2, find the temperature of
equilibration.

4. Sphalerite and galena from a certain Mississippi Valley deposit were found to have 8*Scpr
of +13.2%o0 and +9.8%o respectively.

(a) Using the information in Table 9.4, find the temperature at which these minerals
equilibrated.

(b) Assuming they precipitated from an H,S-bearing solution, what was the sulfur isotopic
composition of the H,S?
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Glaciers presently constitute about 2.1% of the water at the surface of the Earth and have
a 8" Ogyow of =—30. The oceans contain essentially all remaining water. If the mass of gla-
ciers were to increase by 50%, how would the isotopic composition of the ocean change
(assuming the isotopic composition of ice remains constant)?

Consider the condensation of water vapor in the atmosphere. Assume that the fraction of
vapor remaining can be expressed as a function of temperature (in kelvins):

T-223
50

Also assume that the fractionation factor can be written as:

Ina=0.0018 + 12.8

Assume that the water vapor has an initial 8"*Ogyow of ~9%0. Make a plot showmg how
the 8'®0O of the remaining vapor would change as a function of £, fraction remaining.

Calculate the 8O of raindrops forming in a cloud after 80% of the original vapor has
already condensed, assuming (1) the water initially evaporated from the ocean with 8O = 0,
(2) the liquid—vapor fractionation factor oo = 1.0092.

. A saline lake that has no outlet receives 95% of its water from river inflow and the remain-

ing 5% from rainfall. The river water has §'*0 of —10%o and the rain has 8'"*O of —~5%.. The
volume of the lake is steady-state (i.e., inputs equal outputs) and has a 8O of —3%.. What
is the fractionation factor, o, for evaporat10n>

Consider a sediment composed of 70mol % detrital quartz (8'*0 = +10%o) and 30mol %
calcite (8O = +30%o). If the calcite/quartz fractionation factor, o, is 1.005 at 300°C, deter-
mine the O isotopic composition of each mineral after metamorphic equilibrium at 300°C.
Assume that the rock is a closed system during metamorphism, i.e., 'O of the whole rock
does not change during the process.

Assume that o.is a function of the fraction of liquid crystallized such that . = 1 + 0.008(1 — f).
Make a plot showing how the §'®O of the remaining liquid would change as a function of
1 -/, fraction crystallized, assuming a value for A of 0.5%o.

A basaltic magma with a 8O of +6.0 assimilates country rock with 80 of +20 as it

undergoes fractional crystallization. Assuming a value of o of 0.998, make a plot of §'*O
vs. f for R =5 and R = 10, going from f=1 to = 0.05.



Chapter 10

The big picture: cosmochemistry

10.1 INTRODUCTION

In the previous nine chapters we acquired a
full set of geochemical tools. In this and sub-
sequent chapters, we will apply these tools to
understanding the Earth. Certainly any full
understanding of the Earth includes an under-
standing of its origin and its relationship to
its neighboring celestial bodies. That is our
focus in this chapter.

The question of the origin of the Earth is
closely tied to that of the composition of the
Earth, and certainly the latter is central to
geochemistry. Indeed, one of the primary
objectives of early geochemists was to deter-
mine the abundance of the elements in the
Earth. It is natural to wonder what accounts
for these abundances and to ask whether the
elemental abundances in the Earth are the
same as the abundances elsewhere in the solar
system and in the universe. We might also ask
why the Earth consists mainly of oxygen,
iron, magnesium, and silicon? Why not tita-
nium, fluorine, and gold? Upon posing these
questions, the realm of geochemistry melds
smoothly into the realms of cosmochemistry
and cosmology. Cosmochemistry has as its
objective an understanding of the distribution
and abundance of elements in the solar system,
and, to a lesser degree, the cosmos (the latter
is relegated to secondary stature because the
data on objects outside the solar system are
much less complete).

The composition of the Earth is unique:
there is undoubtedly no other celestial body
that has exactly the same composition as the
Earth. Nevertheless, the composition of the
Earth is similar to that of the other terrestrial
planets: Mercury, Venus, Mars, and the Moon.
The Earth also shares a common geochemical
heritage with the remainder of the solar
system, and all bodies in the solar system
probably have similar abundances of some
elements, and the same isotopic compositions
of most elements. What we know of the com-
position of the remainder of the universe sug-
gests that it has a composition that is grossly
similar to our solar system: it is dominated by
hydrogen and helium, with lesser amounts of
carbon, oxygen, magnesium, silicon and iron,
but there are local differences, particularly in
the abundances of elements heavier than
hydrogen and helium.

The unique composition of the Earth is the
product of three sets of processes. These
include those processes responsible for the
creation of elements, that is, nucleosynthetic
processes, the creation of the solar system,
and finally the formation of the Earth itself.
We will begin by considering nucleosynthesis.
Meteorites are the principal record of forma-
tion of the solar system and of the planetary
bodies within it, so we devote considerable
space to understanding these objects. Perhaps
ever since we acquired the capacity to con-
template the abstract, mankind has wondered
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